Introduction
Seismic body and surface wave studies have contributed greatly to our knowledge of the Earth's interior. Early work on the interpretation of travel times of P and S waves has provided much information about the velocity distribution in the Earth's mantle and core, and on this basis the major divisions such as upper mantle, transition zone and lower mantle have been established. Since the introduction of the Earth models of Gutenberg and Jeffreys, new tools, new 1. Seismic surface wave dispersion data have been obtained from recordings of long-period instruments. These have been interpreted by computations made feasible with the availability of high-speed computers.
2. Low altitude and subsurface nuclear explosions whose locations and origin times are known precisely have provided travel time data with an accuracy unobtainable from earthquake studies.
3. Large seismic arrays such as LASA and the extended array at Tonto Forest are providing direct measurements not only of travel times but also of the distance derivatives (dt/d/1, d 2 t/d/1 1 ) of these times. The derivatives are more sensitive to the velocity structure at depth than are the travel times.
4. Data from sources other than seismology are becoming available for investigation of the Earth's mantle. For example, the distribution of heat flow over the globe, satellite observations of geoid heights, and high pressure and high temperature laboratory experiments are providing information that can be correlated with seismic observations.
In this paper we utilize both old and new data to discuss the structure of the Earth's mantle, with particular regard to evidence for vertical and lateral inhomogeneities. First, we review the seismic methods used and the results of the interpretation of seismic data in investigating anomalous variations in velocity and velocity gradients. Then we discuss lateral variations in mantle structure indicated by seismic surface and body wave results. The last section contains a discussion of the correlation of the seismic data with other geophysical information, and mentions some of the implications of these data on the nature of the mantle.
Vertical inhomogeneities or ' discontinuities ' in the mantle
The term 'vertical inhomogeneity' or discontinuity will refer to an anomalous variation of seismic velocity with depth which may be characterized by a change in the velocity-depth profile. This may be a discontinuous velocity jump (i.e. first order discontinuity) such as the Mohorovicic discontinuity or a continuous velocity structure that is discontinuous in one of the derivatives of velocity with depth (i.e. second or higher order discontinuity). A chemically homogeneous planet with no solid-solid or solid-liquid phase changes will have a smoothly varying velocity curve. Thus, 'discontinuities' in the velocity-depth curves in the Earth's mantle would represent departures from homogeneity as defined above.
In determining the seismic velocity variation with depth, the travel times of P and S waves and the dispersion of Rayleigh and Love waves, as well as data from free oscillations, can be utilized. The description of pertinent techniques and some results can be found in a number of review papers (Nuttli 1963 , Press 1964 . In the upper mantle, travel time and body wave studies are complicated by the presence of decreases or rapid changes in velocity, and surface wave techniques have been more successful. For lower mantle studies, however, both surface wave and body wave methods have limited resolving power. A technique utilizing an array of seismometers for the measurement of the slope of travel time curve (dt/d!!i.) has proved to be much more useful in the study of the fine structure of the lower mantle.
A. Surface wave results and average structure of the upper mantle-a review.
Various local studies have shown the crust and the uppermost mantle to be quite non-uniform. However, at depths greater than about lOOkm certain characteristics of the velocity-depth curves seem to be world-wide. These features can be studied using phase and group velocities of Rayleigh and Love waves in the period range of 50-600 seconds. Measuring these over complete great circle paths provides an accurate method of velocity determination and an objective world-wide average.
The techniques of determining phase and group velocity using the successive passages of Rayleigh and Love waves at a given station have been described in earlier publications (Sato 1958 , Toksoz & Anderson 1966 . These techniques involve computing the phase delay of each Fourier component of the wave train relative to an earlier passage in the same direction, such as between pairs G 2 -G 4 (Love waves), or R 3 -R 5 (Rayleigh waves), at the same station. The phase velocity C at a period T is given by:
where A 0 =length of great circle path, c5t = tn+z-tn and c5<f>(T) = <f>n+ 2 (T)-<f>n(T). t.+ 2 and tn are initial times of Fourier time windows and <f>n+z and <f>n are phase delays relative to the beginnings of the windows. N is an integer, and the half period phase shift is due to two extra polar passages of one wave train relative to the other. Surface waves generated by large earthquakes and recorded by long-period seismograph systems at Pasadena and Isabella, in California, and at other stations, have been analyzed for velocity measurements. The great circle paths are shown in Fig. 1 . For our present purposes we will discuss only those paths which pass through Pasadena and the regions of Alaska and Mongolia. These paths are, on the average, 60/o oceanic and 40/o continental, and sample various geologic and physiographic units. The phase and group velocities of Love and Rayleigh waves along these paths are shown in Figs. 2 and 3. These results are tabulated and other details are given by Toksoz & Ben-Menahem (1963) and Toksoz & Anderson (1966) .
In order to carry out the interpretation of these dispersion data in terms of a mantle model, a hypothetical 20-km thick crustal model which is a weighted average of oceanic and continental crustal structures was selected. Starting from an initial trial Peri.ad (s)
Fro. 2. Love wave dispersion data for a set of close-lying great-circle paths and the theoretical curves of the CIT-12 mantle model.
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Fro. 3. Rayleigh wave phase velocities for four close paths and the CIT-12 theoretical model. structure, the mantle model was then modified until good fits to both the Rayleigh and Love wave dispersion data were obtained. The methods used in the computations are described by Alsop (1963) , Anderson (1964) .
In this study only shear velocity was treated as an independent variable in finding the models. The compressional velocities and densities used in the computations were derived from the shear velocities using the values of Poisson's ratio given by Gutenberg (1959) , and the velocity-density relationships of Birch (1964) . The theoretical dispersion curves of the adopted composite model (CIT-12) fit the data very closely, as shown in Figs. 2 and 3. Fig. 4 shows the smoothed shear velocity profile. Both density and compressional velocity profiles have similar features-a low-velocity zone for compressional waves and a low density region. The major characteristics of the velocity model CIT-12 are: (a) a broad lowvelocity zone extending from a depth of 50 to about 350 km, (b) a steep velocity gradient immediately below the low-velocity zone, and (c) another steep gradient at a depth of about 700 km. These two anomalous velocity gradients (centred at depths of 350 and 700km) are the major inhomogeneities of the upper mantle. They represent regions where the velocity behaviour departs appreciably from that of a homogeneous body.
The seismic body wave evidence for the presence of inhomogeneities in the upper mantle is accumulating with improved observational facilities. From travel time slopes Niazi & Anderson (1965) determined a compressional wave profile with discontinuities at around 350 and 700km. P-velocity profiles of Archambeau et al. (1967) , based on travel times from underground nuclear explosions, also contain these discontinuities. Velocity profiles given by Golenetskii & Medvedeva (1965) show similar features. Thus, the evidence for the existence of the discontinuities at depths of about 350 and 700 km is strong for compressional wave vleocities as well as for shear velocities. One feature of the compressional velocity profiles markedly differs from that of the shear profiles: the low velocity zone for compressional waves does not extend to as great a depth. Compressional velocities, in general, start to increase at a depth of about 150km, in contrast to shear velocities which remain nearly constant to a depth of 350 km.
A detailed investigation of the causes and implications of the low-velocity zone and the discontinuities in the upper mantle are outside the scope of this paper. However, a few remarks may be in order.
The great depth of the zone of relatively low shear velocities is of particular interest. The conventional interpretation is that the upper mantle is a region with a particularly high thermal gradient. The effect of temperature on velocities offsets the effect of pressure. The critical temperature gradient, which gives constant shear velocity with depth, may be defined by:
where T = temperature, P = pressure, r = radial distance from the centre of the Earth, p = density, g = gravitational attraction. When this gradient is exceeded the velocity will decrease with depth. The critical gradient has been estimated to be between 5 and 8 QC/km (Birch 1952 , Clark & Ringwood 1964 ). If we adopt a value of T = 600 QC at 50 km and a gradient of 5 QC/km, the temperature at a depth of 350 km wi11 be about 2100QC. This value exceeds the extrapolated minimum melting temperature of such materials as' pyrolite' (Clark & Ringwood 1964 ). Although possibly not relevant, the critical temperature gradient for MgO is only 2·7QC/km for shear waves (Schreiber & Anderson 1966 ). This number is firmer than the above estimates since it is based on precise measurements of the effect of temperature and pressure in the absence of porosity. If the critical gradient is this low then the temperature at 350 km could be as low as 1450 QC and still be consistent with a low-velocity zone to this depth. This is below the estimated melting temperature of mantle material at this depth. The velocities to 350 km are clearly low, but it is not established that the velocity stays constant or decreases with depth below some 150 km. So it is necessary that the temperature gradient between 150 and 350 km be critical or supercritical. If the higher estimates of critical gradient are shown to be appropriate for ultrabasic rocks and if the velocity gradient between 150 and 350 km requires a thermal gradient of the order of 4Q Cfkm or higher, then partial melting or a changing composition with depth must be invoked to explain the properties of the low velocity zone below 150 km. On the basis of available seismic data it is not clear that partial melting is required, but neither can it be ruled out. This is an important problem that requires more detailed seismic information as well as high temperature and high pressure studies to establish the melting behaviour and the temperature and pressure derivatives of velocity of mantle material.
The difference between the shear velocity profile given in Fig. 4 and the compressional velocity profiles referenced earlier (that is, the P-wave velocity increasing with depth while the S-velocity remains relatively constant in the depth range of 150-350 km) can also be explained in terms of temperature effects on velocities. There is evidence that the effect of pressure on P-wave velocity is relatively greater than on shear velocity, while the temperature effect is greater on S-wave velocity (see Clark & Ringwood 1964 , for detailed discussion). Then, it is not unreasonable to expect an increase in P-wave velocity with depth while the S-velocity remains constant or decreases.
The nature and causes of discontinuities in the upper mantle have been the subject of many discussions in terms of possible phase changes (Ringwood 1962 , Birch 1964 . A review of these may be found in Clark & Ringwood (1964) and Anderson (1967) . Because of our lack of knowledge of the mineralogical constitution of the upper mantle, it is hard to say which, if any, of these proposed phase changes is most likely. In addition, changes in chemical composition at these discontinuities cannot be ruled out.
B. 'Discontinuities' in the lower mantle. The determination of the fine structure of the seismic velocity profile is more difficult in the lower mantle than it is in the upper mantle. The fundamental modes of surface waves and free oscillations that are affected by the lower mantle are of very long periods and lack resolving power necessary for determining the finer features of the velocity variations. Furthermore, at long periods, density becomes a significant variable, and the effects of variations in density and velocity cannot be determined separately from dispersion data (Anderson 1964 , Takeuchi et al. 1964 , Landisman et al. 1965 . Travel times of body waves, especially those measured using earthquake data, require considerable smoothing before they can be used for structural interpretations. This is partly because of uncertainties in location of the source, and partly because of the effects of structure under the stations and the source area. These station and source corrections added to the measurement accuracies often exceed the effects of velocity inhomogeneities. Current mantle models represent smoothed averages of the actual conditions at depth.
The seismic waves from nuclear explosions have yielded more accurate travel time data because of exact knowledge of the source parameters and improved observational facilities. These new travel times show certain departures from the travel time tables of Jeffreys & Bullen (1958) in the distance range of Ii= 30° to 100°. Most of these are listed in the literature as J-B residuals, a quantity which is the difference between the J-B travel time and the observed value at a given distance (Doyle & Webb 1963 , Carder 1964 , Cleary & Hales 1966 , Herrin 1966 , Carder et al. 1966 .
With the establishment of seismic arrays, such as LASA (Large Aperture Seismic Array) in Montana and the extended array at TFSO (Tonto Forest Seismic Observatory), a new approach to the problem of determining seismic velocity with depth has become feasible. It is now possible to measure the slope of the travel time curve (dt/d!i) directly, and, using the dt/dA vs A data and the Weichert-Herglotz formula, the velocity variation with depth can be determined in a more accurate and direct fashion than is possible with travel times alone. In this section we will briefly describe such a study. Using the dt/dli data computed from arrivals at LASA for events at distances of more than A= 30° together with the travel times from the Long Shot explosion, a velocity-depth curve which suggests the presence of 'discontinuities' in the lower mantle can be determined. A much more detailed discussion is given in a separate paper by Chinnery & Toksoz (1966) .
The Large Aperture Seismic Array (LASA) consists of twenty-one subarrays. The geometry of the subarrays is shown in Fig. 5 and details of instrumentation, etc., can be found in Green et al. (1965) . The measurement of dt/dA was made from the set of delay times observed at the eight outer subarrays for each event. A plane was fitted to the wave front by a least squares procedure and an apparent azimuth and travel time slope was calculated. The epicentral distance and focal depth information for each event were obtained from the USCGS PDE cards. The epicentral distance was corrected for focal depth by projecting the ray path back to the Earth's surface, using the observed value of dt/dA, and a simple velocity structure. The stationepicentre azimuth was computed using the epicentre co-ordinates and this was compared with the measured azimuth as a check on the reliability of the dt/dA measurement.
Most of the events recorded at LASA arrive from two narrow ranges of azimuth These are 300-320° and 140-160°, measured clockwise from the north at LASA. The first includes Alaska, the Aleutian Islands, the Kurile Islands, and Japan, and only events from this direction were chosen for structure study .. This was done to eliminate systematic differences in measured dt/dll due to path differences. These differences will be discussed in greater detail in the next section. Another reason for the choice of 300-320° events was the Long Shot explosion of 1965 October in Amchitka Island. Travel times as well as amplitudes from the North American recordings of this shot were used as additional data, both for interpretation and static correction of the measured dt/dll values. Fig. 6 shows the azimuth range 300-320°, and the location of Long Shot.
Travel time slopes were measured from 167 events in the distance range of 25-92° and these are displayed as a function of distance in Fig. 7 . dt/dll computed from the Jeffreys-Bullen tables are also shown in the figure. In spite of scatter, the mean of the observations deviate from the J-B curve by an amount greater than the average scatter. This is especially clear at about A= 45°, 62° and 90°. The nature of these deviations is such that they oscillate around the J-B curve, and this immediately suggests that the velocity-depth curve must also deviate from the Jeffreys model. The reasons for the scatter in the data are timing errors, inaccuracies in epicentral location and focal depth, azimuthal variations within the range concerned, and the effects of local geology at LASA. A set of criteria was established empirically to separate out the most consistent events. These requirements included that the ground amplitude at LASA be greater than 25 millimicrons, and that the measured azimuth at LASA deviate by less than 1 ·5° from the computed azimuth. Although these conditions reduced the number of usable events by 50% they also reduced the scatter to less than ± 0·05 seconds per degree, and did not change the shape of the major characteristics of the dt/dA vs A curve.
The absolute travel time t 0 at a distance A 0 is given by:
0 Graphically, this is the area under the dt/dA vs A curve and it gives us a means of computing the travel time from the slopes measured using LASA. The travel times from earthquakes are limited in accuracy mainly because of uncertainties in the epicentre and origin time. These affect the slopes less seriously. Explosions, on the other hand, being free of source uncertainties, provide very accurate travel-time data.
The differences between J-B tables and observed travel-times (R = t-JB) from Long Shot, Bilby (fired on 1963 September 13 at Nevada Test Site) and explosions in the central Pacific are shown in Figs. 8, 9, and 10 respectively. These residuals are related to the travel time slopes by Fm. 8. Travel-time residuals (T-JB) observed at stations in North America and Europe from the Long Shot explosion after applications of station corrections. The curve is predicted residuals from dashed line in Fig. 7 after a +0·05 seconds/degree correction.
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-2·0 The determination of the velocity structure of the mantle from the inversion of dt/dA vs A and the travel time residuals was carried out by a trial and error method. Starting from the Jeffreys-Bullen velocity model, successive perturbations were made until a good fit to the dt/dA curve was obtained. Because of the lack of information at close distances, direct inversion by means of the Weichert-Herglotz formula was not attempted. For the same reason, the upper mantle structure could not be determined directly. A model was chosen based on crustal information, surface wave data (see previous section) and regional upper mantle studies down to a depth of 600 km. The only direct constraints on this hypothetical model were the known crustal structure and the travel-time residuals at distances of 25-30°. To fit these residuals, the upper mantle velocities were increased beyond those of other models.
The effect of upper mantle structure on the dt/dA values beyond A= 30° is very small. The dt/dA values are extremely sensitive to the velocity gradient at the lowest point of ray path. Thus, the use of a hypothetical model to a depth of 600 km, does not affect the reliability of the velocity structure below this depth.
Our velocity model based on LASA data and the Long Shot travel times is designated as Model 77. The agreement between the theoretical and observed values of dt/dA and the corresponding J-B residuals are shown in Figs. 11 and 12. In both cases the fit can be termed as being very good.
An additional piece of information that can be utilized in testing the reliability of the model is the variation of the amplitude of P-wave arrivals with distance. If we neglect the effects of attenuation and geometric spreading, which are smooth functions. the amplitude variation with distance is a function of the change of velocity gradient with depth (Asbel et al. 1966) . This can also be expressed in terms of velocities are low, amplitudes are large), (b) the radiation pattern at the source (most earthquakes and some explosions have non-uniform radiation patterns), and (c) uncertainties in instrumental magnifications and ground-coupling coefficients. Using only Long Shot data recorded at well-calibrated LRSM stations in North America, we compared the observed amplitudes with the variation of d 2 t/dA 2 predicted from Model 77. This is given in Fig. 13 . The agreement is good to about A= 46°, and beyond this the scatter in the observed data is too large for the comparison to be conclusive.
The variation of seismic compressional wave velocity in the mantle (Model 77) is shown in Fig. 14 and tabulated in Table 1 . We should repeat here that the upper portion of the model down to a depth of 600km (shown in Fig. 15 ) is hypothetical and based on other studies. Below this depth, however, the model is reliable except at depths corresponding to regions where there are gaps in observed dt/dA data, such as at A= 34°, 38°, 53°, and 75°. Within these regions the velocity structure appears to be anomalous, and they are discerned further below. The absolute accuracy of the velocity distribution is difficult to estimate and is determined by the accuracy of the data. Since the dt/dA observations were the most accurate, velocity gradients given by Model 77 must be very reliable. The good agreement with the travel-time residuals is evidence for the reliability of the absolute values of the velocity in the lower mantle. The amplitude data support the changes of velocity gradients and the existence of the 'discontinuities'. The 'discontinuities' in the lower mantle are the most significant features of the model. These are located at depths of about 700, 1200, and 1900km, and they produce measurable effects on dt/d/1 curve at distances of /1 = 35°, 52°, and 70°. The exact nature of the behaviour of the velocity curve at the anomalous regions cannot be determined at this stage. It is not clear whether the dV /dr curve changes continuously or discontinuously. Neither is it clear whether the velocity gradient always remains positive or if the velocity actually decreases at these discontinuities. Considering the great depths and the associated high pressures, it is questionable whether an actual velocity decrease (or low velocity regions) would exist in the lower mantle. The mantle-core boundary, where composition might change, could be a possible exception.
This study presents probably the best evidence of the existence of discontinuities in the lower mantle through the interpretation of travel times, directly measured slopes (dt/d/1) and the amplitudes (d 2 t/d/1 2 ). There have been less direct indications of lower mantle discontinuities. Gutenberg (1958) suggested regions at depths of h = 900-1000 km and h = 1400-1500 km from amplitude studies as being anomalous. Bugayevskii (1964) has presented evidence of discontinuities in the travel time curve at distances of 36-37°, 51-53°, and 70-73°. These are in agreement with our results, and may suggest the world-wide presence of these discontinuities. The similar features of travel-time residual curves based on data from explosions at widely separated regions (Figs. 8, 9 , 10) also point to the universal nature of discontinuities. Another characteristic of these anomalous regions of the mantle may be implied from results ofVvedenskaya & Balakina (1959). They measured P and SH wave amplitude ratios and detected anomalies at Li= 38-42°, 51-53°, and 70°. These results imply different behaviour for P and S wave velocity profiles at depths corresponding to the anomalies. A direct study of S-wave travel times and slopes is now under way for further investigation of the differences between P and S wave profiles. In a similar study using TFSO records and events from all azimuths, Johnson (1966) found second-order discontinuities at depths 840 and 1150 km and less pronounced ones at 1300, 1700, and 1950km.
In summary, we may state that there are discontinuities in the mantle at depths of about 350, 700, 1200 and 1900 km where seismic velocity gradients exhibit anomalous behaviour. Although details of the anomalies may vary from one region to another, the evidence points to the universal nature of these discontinuities and the inhomogeneity of the lower mantle.
3, Lateral inhomogeneities in the mantle
Variations in crustal structure as well as differences in the sub-Moho (Pn) velocities over different regions of the Earth have been well established by refraction studies (Kosminskaya & Riznichenko 1964 , Pakiser & Steinhart 1964 , McConnel et al. 1966 ). :Measured P 11 velocities, for example, vary between 7·7 and 8·5km/s, with the lower values being associated with active tectonic areas. Regional surface wave data (Alexander 1963 , Brune & Dorman 1963 , Dewart & Toksoz 1965 ) also show that regional variations in shear velocity profiles are quite pronounced and continue into the low velocity zone. The question that remains, however, is the depth to which these lateral inhomogeneities extend.
In this section we will look at the seismic surface wave and body wave data as well as gravity results for the study of inhomogeneities.
A. Regional structure of the upper mantle. The phase velocities of mantle Love and Rayleigh waves have been measured over great-circle paths in the period range between 80 and 666 seconds (Toksoz & Ben-Menahem 1963 , Toksoz & Anderson 1966 . The distribution of great-circle paths (Fig. 1) shows that most regions of the world have been sampled. Love wave data exist for all paths, while Rayleigh wave data exist only for those paths discussed in the previous section. For this reason, only Love waves were used in the present study.
Comparison of velocities over different great-circle paths shows that where the paths are close, the velocities are in good agreement (better than O· 5'.%;). Where paths traverse different regions, however, the differences in phase velocities are significant, and these are more pronounced at relatively short periods.
Interpretation of these composite phase velocity data in terms of mantle structure is a complex problem. The paths are not sufficiently dense for a comprehensive analysis such as dividing the Earth's surface into a mesh of homogeneous units, each of which is, say, 5° x 5°. Thus, we must follow a less objective procedure. As a first step, we .c attempted to correlate the phase velocities of the composite paths with the relative fractions of the oceanic and continental regions traversed. This correlation was poor. Velocities varied over paths which had equal fractions of oceanic segments, and velocities were higher over paths which traversed more continental shield areas. As a second step, we (Toksoz & Anderson 1966 ) divided the Earth into three regions: ocean, continental shield, and tectonic. These were determined on the physiographic features alone. Continental margins were taken as continents; active zones and highly mountainous areas were considered tectonic. Effects of ocean ridges were neglected. With this division it was assumed that the overall phase delay of a surface wave on a given great-circle path was a linear function of the individual phase delays over various segments (ocean, shield, tectonic) . It was further assumed that the phase shifts due to boundaries of regions and deviations from great-circle paths were negligible. With these assumptions, and knowing the percentages of paths through each region, pure-path phase velocities were computed. Observed Love wave data and computed pure-path velocities are shown in Fig. 16 . This shows that shield areas are characterized by the highest phase velocities, while the tectonic regions have the lowest velocities. The differences are greater at shorter periods as one might expect. Because of the limited number of paths with long period data, no separation could be made at periods longer than 320 seconds.
The determination of velocity structures in the upper mantle under the oceanic, shield and tectonic areas was carried out using the pure-path phase velocities with the Shear velocity (km/s) -----i:::==; ::: same procedure discussed in Section 2. For each area, the crustal structure was chosen as the average of those determined by the regional studies. Densities were assumed to vary linearly with shear velocity for each model. The computed shear velocity models are shown in Fig. 17 . In addition to differences in the crustal structures, there are significant differences in the structures of the low velocity zones. Below a depth of 500 km, it is not clear whether systematic differences between the oceanic and shield structures persist. This uncertainty arises because the amount of dispersion data at periods longer than about 320 s is too limited to permit the extensions of 'pure-path' phase velocity curves to longer periods. We assumed that all curves must join at about 500 s. This, of course, forced the shield structure to have lower velocities below a depth of about 500 km. There is no evidence to indicate that the Earth's mantle must be laterally homogeneous below a certain depth. In fact, the body wave travel times and travel-time slopes indicate that there are variations in the mantle structure both at shallow and at great depths. The variations of compressional velocity profiles in the upper mantle are best indicated by the travel-time residuals at stations located on shield or tectonic regions. These differences could be as large as 4s (Herrin 1966 , Toksoz & Folinsbee 1966 , and are much too large to be explained in terms of crustal structures alone. Thus, there must be some differences in the upper mantle compressional velocity structures ...
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Fm. 18. Observed dt/dfl for all events from the azimuth ranges 300--320° and 140--160° from the LASA. These demonstrate the differences between the two different paths.
similar to the shear wave velocities shown in Fig. 17 . Another example of this can be found in comparing the JB residuals shown in Figs. 8, 9 , and IO. The difference between the average values indicates the differences in transit time in the crust and upper mantle of the source region.
B. Lateral inhomogeneities in the lower mantle. The presence of lateral inhomogeneities in the lower mantle is suggested by recent dt/dA measurements with LASA. Fig. 18 shows the variation of dt/dl.i with Li, observed from events lying within two narrow ranges of azimuth. The upper curve shows the data from the azimuth range 300-320° (Alaska-Aleutians-Kuriles-Japan regions), and the lower curve corresponds to events from 140-160° (Mexico-Central America-Peru-Chile regions). In these graphs, the events indicated by a cross were timed at only seven of the eight outer subarrays of LA SA (due to excessive noise or instrumental failure), and are somewhat less reliable than the other data. Events shown by an open circle give high standard deviation when a plane was fitted to the wavefront by a least squares procedure. Thus, in most instances, this indicates a strong curvature to the wavefront. As we mentioned previously, each curve may be moved a small amount parallel to the ordinate axis to take account of local structure at the array.
Events along the southerly azimuth are clearly very sparse within the distance range 35-65°. However, the coverage is good from 65-87°, and at these distances the two curves differ considerably, particularly in slope. The average slope of the upper curve is approximately 0·65 (seconds per degree per degree), and for the lower curve is approximately 0·93. This difference in slope cannot be explained by the scatter of the data points. It is also unlikely to be due to local effects at LASA since within this distance range the angles of incidence change at most by 6°. We are forced to conclude, therefore, that we have an indication of significant differences in velocity gradient at depths of 1800-2600 km in the mantle.
The general incompleteness of the data, particularly along the southerly azimuth, does not permit a more detailed investigation of these differences at the present time. It will be interesting to see if further data from LASA and other arrays substantiate the interpretation presented here.
C. Temperature variations under oceans and continents.
Temperature is likely to have a strong effect on the behaviour of materials in the mantle, particularly in the upper mantle. Below an accessible depth of a few kilometres, the thermal state of the Earth must be determined indirectly using geophysical and geochemical data. There have been many observations of heat flow at the surface of the Earth. However, the other data needed for the determination of temperature at depth (i.e. the distribution and abundance of heat sources, mode of heat transport, thermal conductivity, opacity of mantle materials, and thermal history) are not known well enough for an accurate calculation. Indirect analyses based on different models yield temperature profiles that differ significantly (Lubimova 1958 , MacDonald 1959 . The observed heat flow data show no great systematic variations between oceanic and shield type continental regions (Lee 1963) . This, together with the differences in composition and radioactivity concentration in oceanic and continental crustal rocks, leads to the conclusion that temperatures must vary in the upper mantle under different regions. MacDonald (1963) and Clark & Ringwood (1964) computed temperature profiles which varied under oceans and continents, the oceanic mantle having the higher temperature at a given depth.
In the upper mantle, seismic velocities are very strongly affected by temperature and pressure. At any given depth the pressure effects are roughly the same for all areas. The bulk composition of the mineral assemblages that are likely to constitute the upper mantle in the various regions does not differ greatly in its seismic velocities at a given pressure and temperature. The variation of seismic velocity profiles under oceanic and continental regions, such as those shown in Fig. 17 , can be used to estimate the maximum temperature differences between these regions.
The temperature difference we compute will be a maximum under the assumption that continents were derived from the underlying mantle. The net effect is to raise the velocity and density of the mantle since the less dense, lower velocity material is removed to form the continent. This process also tends to remove heat and radioactivity from the upper mantle and to raise the effective melting point. The effective temperature and the overall elastic properties would both tend to be less under continents than under oceans, assuming conditions were initially identical. By ignoring the possible effect of differences in composition we will get an upper limit on the difference in temperature between oceans and continents if the continental mantle is, indeed, depleted of low velocity-low density material.
We can express the velocity (V) variation with depth (z) in a homogeneous region as
Now, let us compare continental shield areas with oceanic basins. Velocities under these regions are denoted by subscripts 'c' and 'o ', respectively. Writing (5) for shields and oceans, and subtracting, we obtain Equation (6) can be simplified by including some approximations. Firstly, the pressure effect on oceanic and shield regions should be nearly the same. Thus, the first term can be neglected. Secondly, the temperature coefficient of velocity in the mantle can be assumed to be the same under both oceans and continents, in the absence of data indicating otherwise. With these assumptions, we can write (7) If (oV/oT) is a constant with depth, the relationship between the temperature difference AT = T 0 -Tc and velocity variation AV = V 0 -Ve can be written as :
where C is a constant. AV can be evaluated at each depth from shear velocity models of Fig. 17 , and it is shown in Fig. 19 . av /o T must be determined experimentally for chosen petrologic models.
There are a limited number oflaboratory measurements of temperature coefficients of shear velocity at elevated temperatures and pressures. The data of Hughes & Maurette (1957) for basic igneous rocks cover a very limited range up to 6kb and 400QC. The measurements of Susse (1961) for MgO extend to 1200QC, and values averaged according to Voigt's scheme and Reuss's scheme are tabulated by Simmons (1965) . These are shown in 
: ~D"°it" schemes, respectively. Another determination for MgO is -4·8 x 10-4 km/sj°C (Schreiber & Anderson 1966) .
In the absence of well-defined results, we took four different constant values for dV/dT (= -5, -10, -20, and -30x 10-4 km/sj°C) and computed temperature differences under oceans and continents as a function of depth. The results are shown in Fig. 21 . For these curves, we took C = 0. If this is not the case, then a constant value equal to the difference should be added to the computed Li T curves.
The results in Fig. 21 show that the maximum temperature difference under oceans and continental shields is at a depth of about llOkm. The magnitude of LiT varies greatly with the value of chosen dV/dT, with the oceanic regions having the higher temperature. MacDonald (1963) and Clark & Ringwood (1964) obtained similar results except that their temperature differences show a less pronounced maximum.
It seems clear from Fig. 21 that -dV/dT = 5 x 10-4 is much too low for upper mantle material.
More definite temperature results may be obtained by this method when more dV/dT data become available at high temperatures and pressures, and the velocity profiles are determined more accurately for more localized areas.
D. Density variations in the mantle. In this section we will consider not the radial but the lateral variations of density, i.e. we will examine deviations of the mass distribution from that of an axially symmetric body.
At the surface of the Earth, lateral variations are clear from the topographic features. It is assumed that at some depth which is a small fraction of the Earth's radius, isostatic compensation takes place, and below this, the equidensity surfaces coincide with equipotential surfaces. Gravity observations at the Earth's surface are affected strongly by the shallow features. Correcting for these defines the isostatic anomalies.
In recent years, orbital data from artificial satellites have provided an excellent means for studying density variations. Geoid heights were computed from observations using both optical and Doppler techniques. The computational techniques as well as the results have been described by Kaula (1966 ), Guier & Newton (1965 and others. The observed geoid height is in general expressed in terms of spherical harmonics, and the results are estimated to be reliable up to the sixth harmonic (Kaula 1966) . Differences between the observed geoid and reference spheroid vary by as much as 170 m, and the results of Guier & Newton (1965) are shown in Fig. 22 .
The observed undulations of the geoid do not show any apparent correlations to general physiological features of the Earth's surface such as oceans and continents. Expansion of the surface topography of continents and ocean depths to approximately the same order harmonics as the geoid heights also confirm the lack of correlation (Slichter 1966) . This means that the low order harmonic coefficients of surface features are too small to affect the coefficients of the lower harmonics obtained from satellite data.
With the elimination of the surface sources, deeper sources of density anomalies must be sought to explain the geoid undulations. Kivioja & Lewis (1966) computed the geoid undulations for surface features and isostatic compensating masses, according to the Airy-Heiskanen hypothesis. The depth of compensation was taken to be d = 30 km. Their results, which are partially included in Fig. 22 for maxima and minima, do not show any observable correlation with the satellite results. Wang (1965) obtained a correlation coefficient of -0·82 between geoid and heat flow distribution using only second order harmonics and suggested anomaly sources within the outer 200 km of the mantle. It is not clear that his results will hold with the newest satellite data, where second order coefficients are about four times larger than the earlier values. At the present, the indications are such that the density anomalies must be at depths greater than 50 km.
The determination of the mass distribution in the mantle, given the geoid undulations, cannot be carried out uniquely. However, we can obtain a set of solutions for various depths. Taking a surface distribution and expanding it in spherical harmonics to the same order as the satellite geoid, Arkani-Hamed & Toksoz (1967) computed the mass density at various depths below the surface. In this procedure it is assumed that the geoid undulations are due to mass anomalies centred at the same radial distance from the Earth's centre. Some maximum and minimum surface densities at various depths are listed in Table 2 .
Conversion of these values to actual density differences (lip) requires the radial distance over which the variation (lip) is to be extended. If the density variations can be fixed, then the size of the anomalous regions can be obtained. One place where this is possible is the mantle-core boundary. Taking the density difference We must remember that these values are computed on the assumption that everything else in the mantle is laterally homogeneous.
There is no question that with reasonable density variations (i.e. Ap ~ ± 0·01 g/cm3)
within the upper few hundred kilometres of the mantle, observed geoid anomalies can be accounted for. The contributions from the mantle-core boundary must be estimated from seismic data. For example, anomalies of the travel times of seismic waves reflected from the core (PcP) will provide a means of determining the core boundary contributions.
Conclusions
In this paper we have presented the seismological evidence for the presence of both vertical and lateral inhomogeneities in the Earth's mantle. Anomalous velocity behaviours or 'discontinuities' in the upper mantle at depths of 350 and 700 km were detected earlier and explained as possible phase changes. Discontinuities at depths of 1200 and 1900km are well defined for the Japan-Kamchatka-Aleutian-Montana paths. It is not possible to state with certainty at this time whether they are global. Their presence indicates regions where there are either phase or composition changes or both. In any case, they point to departures from homogeneity in the lower mantle, in contrast to earlier beliefs.
The lateral variations in the mantle are most pronounced in the upper mantle although they seem to be present in the lower mantle, too. Our estimation of temperature differences from shear velocities under oceans and continental shields are compatible with those based strictly on heat flow and thermal data. Temperatures are between 100 and 500° C different (300° C is a good average) and are higher under the oceans than they are under continental shields at a depth of about 100 km. At shallower and greater depths this difference decreases. Tectonic areas of continents represent an intermediate stage between shields and oceans. We can define a scale of maturity for the evolution and differentiation of the crust from the upper mantle. The upper mantle under the oceans is least differentiated. It must contain more radioactive heat sources and associated lighter components to account for higher temperatures and lower velocities. Shields, on the other hand, represent regions where heat sources and acidic components are differentiated into a crust. Tectonic areas are in an inbetween stage where this differentiation may still be in progress.
Geoid height studies indicate that there are density variations in the mantle somewhere deeper than 50 km. At the present time it is possible to place these variations anywhere between depths of about lOOkm and the mantle-core boundary. Data from other sources are needed before the geoid heights can be interpreted uniquely.
